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[1] Transit time distribution probability density functions (TTDs) are used to investigate the possible role of
changing boundary conditions in driving the d13C signal in the interior of a steady state ocean. We use idealized
examples to investigate the general question of how a conservative tracer propagates from the surface ocean to
interior ocean and to illustrate how a given tracer boundary signal will be ‘‘filtered’’ with increasing distance
from its source region. We show that tracers in the deep southeast Atlantic Ocean will respond much more
strongly to changes in the surface Southern Ocean than to changes in the high-latitude North Atlantic, while the
opposite is true for waters at intermediate depths. The impact of a change in the Southern Ocean surface d13C on
a profile from the western South Atlantic is estimated using model-derived transit time distributions, and it is
shown that significant deep ocean d13C variations can be expected on glacial-interglacial timescales, even under
a steady state circulation regime. Records of d13C from the high-latitude North Atlantic and Southern Ocean are
used as a proxy for glacial-interglacial changes in the surface ocean boundary condition in regions of deepwater
formation. By convolving these high-latitude boundary conditions with model-derived TTDs, we are able to
explain a significant part of the observed variability in benthic d13C records spanning the last glacial cycle(s)
from locations as diverse as the equatorial Atlantic Ocean, the Cape Basin, and the equatorial Pacific. This
suggests that changing boundary conditions may be driving a significant fraction of benthic d13C variability
previously attributed to changes in ocean circulation. Furthermore, we show that our results predict a slightly
higher d13C than observed in high-productivity regions, consistent with the concept of a productivity-induced
low-d13C overprint.
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1. Introduction

[2] Inferences about how North Atlantic Deep Water
(NADW) has fluctuated over the past few hundred thousand
years, and indeed through the entire Pleistocene [Charles
and Fairbanks, 1992; Charles et al., 1996; Ninnemann and
Charles, 2002; Oppo and Fairbanks, 1987; Raymo et al.,
2004] have been based in large part on the study of d13C
variations in benthic foraminifera through time. In the
present-day ocean, there are large-scale variations in d13C
through the ocean, with values around 1% in the high-
latitude North Atlantic [Raymo et al., 2004] where NADW
is formed, values of around 0.2–0.4% in Weddell Sea
Bottom Water (WSBW) [Mackensen, 2001], and values of
between �0.5% and 0% in intermediate-depth North
Pacific waters [Charles and Fairbanks, 1992]. Circumpolar
Deep Water (CDW) has a d13C value of around 0.4%,
reflecting a balance between NADW, and deep-waters
formed in the Southern Ocean [Charles and Fairbanks,
1992; Mackensen, 2001].
[3] The strong inverse correlation between d13C and PO4

in the modern ocean is the basis for interpretation of d13C in

times past as a nutrient proxy [Broecker and Peng, 1982].
However, in the surface ocean, d13C is set not only by
nutrient concentrations, but can also be affected by a
number of independent processes: it can change with the
rate of air-sea gas exchange (which yields lower d13C for
reduced gas exchange at high latitudes), and there is also a
temperature-dependent component (which yields higher
d13C for gas exchange at lower temperatures) [Broecker
and Maier-Reimer, 1992; Charles et al., 1993; Lynch-
Steiglitz and Fairbanks, 1994; Mook et al., 1974]. In the
deep ocean, the d13C is thought to be set primarily by mixing
between water masses with distinct isotopic signatures. Like
PO4, d

13C shows nonconservative behavior in the interior
ocean because of the degradation of organic matter (which
causes PO4 to rise and d13C to fall as the water mass ages).
Old waters that have been long isolated from the atmosphere
are for this reason expected to have a slightly lower d13C
than that due to mixing between two end-member source
waters. Another possible nonconservative component of
d13C is the ‘‘photodetritus effect’’ [Mackensen et al.,
1993], which can cause benthic foraminifera to record
benthic d13C values from 0.3–0.4% (and possibly up to
0.6%) [Bickert and Wefer, 1999] lower than in ambient
bottom waters (because of the decay of isotopically light
organic material at the sediment water interface).
[4] Shells of certain species of benthic foraminifera have

been shown to faithfully record the d13C signature of the
water mass in which they live [Mackensen et al., 1993, and
references therein]. Because the modern-day d13C distribu-

PALEOCEANOGRAPHY, VOL. 21, PA2012, doi:10.1029/2005PA001226, 2006

1Department of Geography, Hunter College, New York, New York,
USA.

2Department of Geophysical Sciences, University of Chicago, Chicago,
Illinois, USA.

Copyright 2006 by the American Geophysical Union.
0883-8305/06/2005PA001226$12.00

PA2012 1 of 17



tion captures the major water mass structure of the deep
ocean [Charles and Fairbanks, 1992], there have been
many studies which have attempted to reconstruct deep
ocean circulation patterns for times past, based on analysis
of isotopic ratios in foraminiferal shells preserved in sedi-
ment cores [e.g., Duplessy et al., 1992; Labeyrie et al.,
1992]. In the North Atlantic, down-core benthic d13C
records have been interpreted as recording a glacial shal-
lowing of NADW [e.g., Curry and Oppo, 2005]. In the deep
southeast Atlantic Ocean, records of benthic d13C fluctuate
from warm stage (interglacial) highs of around 0.2–0.4% to
cold stage (glacial) lows of around �1.2% [Hodell et al.,
2003]. This variability has been taken to indicate a change in
the relative proportions of northern and southern source deep
waters, with less high-d13C NADW present during cold
periods [Charles and Fairbanks, 1992; Charles et al.,
1996]. Not only are the large-amplitude glacial-interglacial
changes in d13C widely interpreted as indicating a fundamen-
tal change in ocean circulation patterns, but shorter-timescale
(millennial scale) changes in benthic d13C have also been
interpreted as reflecting fluctuations in the flux of NADW to
the southeast Atlantic Ocean [Charles et al., 1996].
[5] Previous studies in which changes in NADW flux

have been inferred based on d13C records have noted a
number of difficulties. First, benthic d13C records from
several southeast Atlantic sediment cores reach glacial
values that are significantly below the contemporaneous
d13C of Indo-Pacific waters. Hence it appears that the
extremely low, glacial Southern Ocean values cannot be
explained by a simple change in the mixing proportions of
northern and southern source waters. Second, cores in the
Cape Basin reveal much higher amplitude variability at
deep sites (>3500 m) than at intermediate depths (approx-
imately 2000 m) [Hodell et al., 2003]. This is opposite to
the reasonable expectation that sites closest to the core of
NADW (between 1500 and 2000 m, based on WOCE
temperature (T), salinity (S) and tracer data) would be the
most sensitive to changes in NADW flux. Additionally,
independent lines of evidence (a Pa/Th–based study [Yu et
al., 1996]; and an analysis of global Cd/Ca data [Boyle,
1992]) suggest that Last Glacial Maximum (LGM) circu-
lation may not have been significantly different than that of
the present day. Finally, evidence from radiogenic isotopes
has been used to suggest a major noncirculation-related
component of Cape Basin benthic d13C records [Rutberg et
al., 2005]: increased productivity due to fertilization with
low-Sr tagged lithogenic material that would have led to
‘‘phytodetrital overprints’’ on the benthic d13C record.
Piotrowski et al. [2005] compare down-core authigenic
Nd to benthic d13C in Cape Basin sediment cores, and
use the �1000-year lead in the d13C record to argue that the
d13C shifts were likely due to transfer of carbon between
the terrestrial biosphere and the ocean (or a productivity
related change), rather than due to a change in ocean
circulation. Such observations call into question the inter-
pretation of interior ocean d13C changes as predominantly
reflecting fundamental shifts in ocean circulation patterns.
Moreover, the use of any passive tracer to constrain water
mass flux through time has been called into question
[Legrand and Wunsch, 1995]. Hence it is important to

reexamine the assumptions underlying the use of d13C as a
paleo-ocean circulation tracer.
[6] In this contribution, we treat interior ocean d13C as a

conservative tracer whose concentration is set by advection
timescales from surface to interior ocean, and by the degree
of mixing between water masses with different isotopic
signatures. By assuming conservative behavior, it follows
that tracer concentration can be reset only at the ocean
surface. Thus the d13C signature at any point in the interior
ocean is determined solely by the distribution of transit
times of last contact with the surface ocean, and the surface
ocean tracer concentration. Because in reality d13C is also
affected by remineralization once a water parcel has left the
surface, it is not completely accurate to treat it as a strictly
conservative tracer; however, for the purposes of this study
we assume that the remineralization term is small.
[7] We seek to determine, using transit time probability

density functions (TTDs), whether variable source water
boundary conditions might explain a significant fraction of
the observed interior ocean d13C variability during the last
glacial cycle(s). TTDs give complete knowledge of advec-
tive and diffusive contributions of flow at any location in
the interior ocean [Holzer and Hall, 2000; Haine and Hall,
2002]. Knowledge of the present-day ocean TTD field can
hence be used to quantify how sensitive a particular point in
the interior ocean would be to a change in surface-ocean
water mass properties [Peacock and Maltrud, 2006]. Any
part of the d13C signal in the interior ocean which cannot be
explained by propagating surface boundary conditions into
the interior can then be attributed to either nonconservative
behavior of the tracer, or to a change in ocean circulation.
[8] We begin by explaining the concept of TTDs and give a

brief description of the model run used to generate TTDs. We
show how both the form of the TTD and the surface-ocean
boundary condition will impact the signal of a conservative
tracer in the interior ocean. We use idealized examples to
explore how changes in surface-ocean tracer concentration
would be manifested in the ocean interior, both for the case of
spatially homogeneous and spatially variable surface-ocean
tracer concentration, using TTDs from the Cape Basin in the
southeast Atlantic as an example. We then assess the magni-
tude of d13C change in the deepwesternAtlantic that might be
expected solely from a step change in the Southern Ocean
d13C boundary condition (under present-day steady state
circulation), and show that it is of comparable magnitude to
the deep-ocean d13C changes observed between the Late
Glacial Maximum (LGM) and the Holocene. Finally, we
show that a significant part of the amplitude and variability
of benthic d13C records (spanning the last several hundred
thousand years) from the equatorial Atlantic Ocean, the
Equatorial Pacific Ocean and the southeast Atlantic can be
reproduced using TTDs for the present-day ocean, and
variable high-latitude boundary conditions, requiring no
dramatic shift in ocean circulation patterns.

2. Methods

2.1. Transit Time Distributions

[9] Transit time distributions (TTDs) are probability den-
sity functions which capture information about the advective
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and diffusive components of the flow at a given location. If a
water parcel is thought of as being composed of different
subparcels that each had last contact with the surface at a
distinct time in the past, then the probability density function
of transit times (TTD) can be used to represent the continuum
of transit times to the interior ocean of the collective sub-
parcels [Holzer and Hall, 2000; Haine and Hall, 2002]. The
peak in the TTD is an approximation of the advective
timescale. A long tail after the peak demonstrates that there
is a significant fraction of water that had contact with the
surface further back in time. A rough approximation of the
advection timescale is 10,000–30,000 km/1(cm/s) � 30–
100 years; the diffusive timescale is significantly longer, of
the order of (1000 m)2/0.1 (cm2/s) �3000 years; this pattern
can be clearly seen in Figure 1, where the advective peak is
seen early, and the TTD typically has a long, diffusive tail.
[10] TTDs describe the fraction, G, of water at any given

point, r, in the interior ocean, that originated in a given
surface region W, a specified amount of time e in the past,
such that G = G(r, e, W) with units of inverse time. For a
conservative tracer whose concentration is spatially constant
but may vary temporally over the surface ocean, the interior
concentration at any interior point can be estimated simply
with knowledge of the boundary condition as a function of
time, and the TTD (G0) for a given interior ocean location:

c r; tð Þ ¼
Z t

t0

deG0 r; e; @Wð Þc0 t � eð Þ ð1Þ

(where c is the interior ocean tracer concentration, W covers
the entire surface ocean, and G0 is the ‘‘transit time
distribution,’’ a probability density function of transit times
from r to dW). The TTD depends only on the nature of the
fluid transport (advective and diffusive) between W and r
(for details see Haine and Hall [2002] and Khatiwala et al.
[2001]). From equation (1), it can be seen that convolution
of the surface boundary condition with the global ocean
TTD yields (for a conservative tracer with uniform surface
boundary condition, and a steady state circulation field), the
temporal evolution of that tracer at each point in the interior
ocean. For a heterogeneous surface boundary condition, the
evolution at any point in the interior ocean can be estimated
from the sum of the convolution of the surface boundary
condition for each specified region and the TTD for the
appropriate source region. The convolution integral acts as a
low-pass filter, which will attenuate abrupt changes in source
variation. Further, as we shall demonstrate in section 3, the
amplitude of a changing surface signal will not propagate
fully to an interior ocean point if the surface tracer
concentration does not remain at a given value for a
timescale commensurate with the TTD timescale.
[11] The source region for which the TTD field is com-

puted can be either global or regional. The contribution of
each source region to a water parcel at a given interior ocean
location can possess a different surface ocean tracer con-
centration. For a conservative tracer (i.e., one with no
interior sources or sinks), the observed tracer concentration
at any given interior point will be a weighted function of the
source water properties. Each point in the interior ocean will

Figure 1. Model simulated TTDs for global surface ocean (blue), North Atlantic (red), and Southern
Ocean surface (green) for the core sites used in this study.
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have different fractions of various source waters contribut-
ing, and hence a slightly different tracer concentration. If
there is variation in any of the source boundary conditions
with time, this will be reflected as changes in the tracer
concentration at interior ocean points, even for a steady state
circulation field.
[12] If we consider a deep-sea sediment core as monitor-

ing changes in the d13C concentration at a given point in the
interior ocean, we can use knowledge of the ocean TTD
field to determine from where waters at that given location
originated, the relative proportions of water from different
sources, and the TTD for each contributing parcel of water.
The model-derived TTD field also enables the prediction of
either the steady state, or the transient evolution of any
conservative tracer for which the surface boundary condition
is known, at any point in the interior ocean. The limitation
on accuracy here lies with (1) the skill of the model in
reproducing modern-day circulation and (2) the degree
to which the tracer in question is homogeneous in each
model-defined surface region.

2.2. Ocean GCM Model Details

[13] We used results from a simulation of the Parallel
Ocean Program (POP) model, a z coordinate ocean general
circulation model with a variable free surface [Dukowicz
and Smith, 1994]. The results and model setup are described
in detail by Peacock and Maltrud [2006]. The model grid is
fully global. Average horizontal grid spacing is about
200 km. There model has 25 nonuniformly spaced vertical
levels, varying from 12 m at the surface to 450 m at depth.
Parameterizations of subgrid-scale mixing include the Gent-
McWilliams (GM) formulation which is used for eddy
mixing of tracers [Gent and McWilliams, 1990], and a grid
aligned anisotropic viscosity is used for momentum [Smith
and McWilliams, 2003]. The KPP parameterization was
used for vertical mixing of momentum and tracers [Large
et al., 1994], with gravitational instabilities resolved by
means of large diffusion coefficients (0.1 m2/s). The model
was initialized with Levitus mean annual temperature and
salinity fields [Levitus and Boyer, 1994] and was then spun
up for 500 years without passive tracers. Although this was
not long enough for the model to be in perfect equilibrium
with the surface forcing, drifts were judged to be acceptably
small. At this point, the global and regional TTD simu-
lations were initiated, and the model was run for a further
5000 years of integration.
[14] Surface forcing was formulated in a manner very

similar to Large et al. [1997], using monthly mean fields
from a variety of sources. Heat fluxes were calculated using
bulk formulae [Large and Pond, 1982]. Surface restoring of
salinity and temperature to annual values with a timescale of
15 days was performed under climatological ice. There was
also weak surface (uppermost layer) restoring of salinity in
the open ocean with a timescale of 100 days. Twelve TTD
tracers were carried in this run; eleven regional and one
global (Figure 2). TTDs were simulated for each model grid
point (290,000 grid points [Peacock and Maltrud, 2006])
for eleven subregions, and for the global ocean surface
(�3.5 � 106 TTDs). The model was run for 5000 years in
order to capture the full TTD at all locations, yielding a

5000-year long time series for each TTD. The surface
boundary condition for the TTD was 1/year for the first
year and zero thereafter. In the 11-region experiment one
tracer was carried for each of the 11 surface regions
(Figure 2). The boundary condition for a given tracer was
set to zero for all time for each of the 10 regions outside the
region set to 1/year. By definition, at any point in the
interior ocean, the sum of the TTDs for all of the source
regions must be equal to the global surface TTD (blue
curves in Figure 1; this is not strictly true in the model
simulation, because of numerical errors).
[15] In the deep (subthermocline) ocean, the global TTD

is composed primarily of the regional TTDs from the
high-latitude North Atlantic the Southern Ocean (regions 10
and 11 in Figure 2). This makes sense in terms of conven-
tional wisdom regarding deep-ocean ventilation; the interior
ocean is ventilated primarily through the process of deep-
water formation which occurs around the margins of the
Antarctic continent, and in the high-latitude North Atlantic
[Dickson and Brown, 1994; Orsi et al., 1999; Schmitz and
McCartney, 1993].

2.3. Model Validation

[16] The model simulation described above has been
validated using not only temperature and salinity distribu-
tions, but also with a number of transient tracers. A detailed
comparison of the CFC distribution in the thermocline of
the Indian Ocean [Peacock et al., 2005] revealed a very
close correspondence between model and observations. The
model’s deep ocean radiocarbon has been shown to match
observations well (Peacock, unpublished work). The Atlan-
tic overturning stream function reveals a Northern Hemi-
sphere maximum of around 17 sverdrups (Sv) located
between 1000 m and 2000 m depth (NADW) and a weaker
opposing AABW cell in the Southern Hemisphere with a
maximum of around 2 Sv, centered between 3500 m and
4000 m depth. This is in agreement with observational
evidence; with estimates of the maximum North Atlantic
overturning lying between 15 and 20 Sv [Schmitz, 1995],
and estimates of the deeper southern cell being between 2
and 4 Sv [MacDonald and Wunsch, 1996]. The spatial
extent of AABW into the northern Atlantic is in good
agreement with observational evidence, which reports deep
spreading across the equator into the western North Atlantic
[Hall et al., 1997; McCartney and Curry, 1993; Whitehead
and Worthington, 1982].
[17] The model TTDs were derived from a coarse-mesh

model [Peacock and Maltrud, 2006]. Clearly there will be
differences between the model circulation and the ‘‘real’’
ocean circulation. One of the most notable is that coarse-
mesh models tend to be overly diffusive, and have boundary
currents which are significantly broader than in reality. This
is a fundamental limitation of grid resolution; it is not
currently feasible to estimate a global TTD field on a finer
resolution grid with this number of tracers and duration of
model integration; the model simulation we use here is
currently the best available estimate of the TTD distribution
in the ocean. The effect of excessive diffusion will be to
broaden the TTD somewhat more than in reality. The
impact of this on predicted tracer evolution in the interior
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ocean will be a somewhat more smeared signal than that
which would be attained in a less diffusive environment.

2.4. Simulations

[18] In order to clarify the relationship between regional
tracer surface boundary conditions and the TTD at a given
interior ocean location, we first present two highly idealized
examples of how changes in the surface boundary condition
will be manifested in the ocean interior. We then compare
the d13C predicted by using model-derived TTDs and high-
latitude d13C boundary conditions (via equation (1)) with
observed benthic d13C data from a number of disparate
regions.
[19] The model-derived TTDs for each of the locations

used in this study are shown in Figure 1. Inspection of the
differences in the TTDs between cores 1088 and 1089 make
clear that intermediate-depth waters (approximately 2100 m,
core 1088) are volumetrically dominated by water which last
had contact with the surface ocean in the high-latitude North
Atlantic, whereas deep waters (approximately 4600 m,
core 1089) are dominated by waters which last saw the
atmosphere in the high-latitude Southern Ocean. The model-

derived TTDs from the location of site 1088 show a small
peak at about 10 years and a larger peak at about 100 years.
Most of the water at this site has a transit time of less than
400 years. The earlier peaks in the Southern Ocean TTD
indicate that water which last saw the surface in the high-
latitude Southern Ocean has a shorter transit time to the
Cape Basin than water which last saw the surface in the
North Atlantic. The smaller area under the Southern Ocean
curve, however, indicates that the southern source water is
less volumetrically important at this site than is northern-
derived source water. At the deeper sites (1089), the
situation is reversed. The area under the southern source
TTDs (green curves in Figure 1) is much greater than that
beneath the northern source water curves (red curves in
Figure 1), indicating the dominance of southern source
waters at this site. The peak in the southern source water
transit time is at a few decades, indicating a relatively short
advective timescale for southern source waters. For the
northern source water TTDs at site 1089 there is a broad
maximum in the TTD between 200 and 600 years, indicat-
ing a significantly longer advective timescale. The much
smaller area beneath the North Atlantic TTD at the deeper

Figure 2. Eleven surface regions used in the ocean TTD simulation. In this study only the TTDs from
the global surface ocean, the far North Atlantic (region 10), and the Southern Ocean (region 11) are
utilized. Figure adapted from Peacock and Maltrud, [2006].
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sites indicates that NADW is far less volumetrically impor-
tant here than is water which originated in the high-latitude
Southern Ocean.
[20] As expected, the equatorial Atlantic core illustrates

the far greater contribution of water which last saw the
surface in the high-latitude North Atlantic. In contrast, the
equatorial Pacific core has roughly equal contributions from
the high-latitude North Atlantic and the Southern Ocean
source regions (Figure 1).

3. Results

3.1. Idealized Example 1: Spatially Uniform,
Temporally Varying Surface Boundary Condition

[21] In the first of two idealized examples, a global
boundary condition of a square wave whose frequency
increases with time (Figure 3) is imposed. This simple
experiment illustrates how the observed tracer signal at
some interior ocean location will depend on both the
frequency with which the boundary condition changes,
and the form of the TTD itself. A spatially uniform tracer
concentration is imposed at the surface ocean at any given
time. The interior ocean concentration is then obtained
simply from the convolution of the surface boundary
condition and the global TTD at a specific location. The
TTD we used in this idealized example is that from the site
of ODP core 1089, which lies at roughly 4600 m depth in
the Cape Basin.
[22] The impact of a changing boundary condition at a

point in the interior ocean depends on the frequency with

which the forcing changes and the form of the TTD. If the
boundary condition is constant for roughly the time period it
takes the TTD to fall to near-zero values (in this case a few
thousand years; this is typical for much of the deep ocean
outside the Atlantic), then the interior tracer concentration
will approach the boundary value (Figure 3). However, in
the presence of diffusion, any surface signal will be damped
in the interior ocean if the timescale of surface variability is
smaller than that of the TTD timescale (this is revealed by
the progressively more muted tracer signal as the boundary
condition switches with higher and higher frequency, as
shown in Figure 3). Hence, if the period of oscillation is
significantly less than the timescale over which the TTD
falls to zero, then the interior tracer concentration will only
approach some fraction of the boundary value. In the deep
Cape Basin, TTD timescales are on the order of 2000 years
(Figure 4). This implies that if a tracer is spatially homo-
geneous at a given time in the surface ocean, that the full
amplitude of the changing boundary tracer concentration
will only be manifested in the deep Cape Basin if the
forcing is constant for longer than 2000 years or so. If the
surface ocean tracer concentration varies on timescales
shorter than this, only some fraction of the surface tracer
concentration will propagate into the ocean interior.

3.2. Idealized Example 2: Spatially and Temporally
Varying Surface Ocean Boundary Condition

[23] The idealized tracer propagation (Figure 3) is a
relatively simple scenario (global spatially constant, tempo-
rally varying boundary condition). More often it is the case

Figure 3. (top) Deep Cape Basin TTD, (middle) idealized global surface ocean boundary condition, and
(bottom) predicted response of tracer at location of TTD.
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that the surface boundary condition for a given tracer is
spatially heterogeneous (this will be the case, for example
for any gas which exhibits a temperature-dependent solu-
bility). For a spatially variable tracer concentration, it
becomes necessary to consider multiple regional TTDs,
which will contribute to the global TTD in a region. The
ocean surface can be divided arbitrarily into subregions,
with the approximation that the tracer concentration is
constant in each subregion. TTDs can be calculated for
each model grid point for waters originating in each of the
subregions. Then an estimate of the interior tracer concen-
tration can be obtained by summing the separate convolu-
tion integrals for each subregion. By definition, the sum of
all the regional TTDs at a given point must be equal to the
global surface ocean TTD. For example, in the intermediate
and deep waters of the Cape Basin, both the North Atlantic
and the South Atlantic TTDs contribute to the global surface
ocean TTD (Figure 1). In the case of a spatially heteroge-
neous tracer, the interior ocean tracer signal will be a
weighted average of the source region tracer concentrations.
The weighting will depend on the relative form of the TTDs
from each region. In the second idealized example we
consider the case where two TTDs from different source
regions contribute to the global TTD. We show how two

boundary conditions with identical variability in the North
Atlantic and Southern Ocean will yield very different
responses in the ocean interior (again, we have selected
TTDs from the deep Cape Basin), because of the different
nature of the TTDs for each of these regions.
[24] In one experiment, the northern surface boundary

condition is held constant at 1%, while the southern surface
boundary condition is varied in a step function between
�0.5% and 0% every 1000 years (green curves, Figure 4
middle). This experiment results in a high-amplitude re-
sponse, with clear millennial-scale variability (green curve
in Figure 4 bottom). In the complementary experiment, the
southern surface boundary condition is held constant at
�0.5% and the northern surface boundary condition is
varied between 1% and 0.5% (red curves, Figure 4 middle).
This experiment (North Atlantic boundary condition varied)
shows an extremely muted response, with a variability of
<0.1% (red curve, Figure 4 bottom), which is barely above
the noise of d13C measurements.
[25] Overall, the response of the two experiments (Figure 4

bottom) looks quite different, even though the two boundary
conditions are the mirror image of one another. This is due to
differences in the northern source region and southern source
region TTDs. Because the southern TTD is significantly

Figure 4. (top) Model-derived TTDs at site of RC11-83 for Southern Ocean (region 11 in Figure 2
(green curve)) and North Atlantic (region 10 in Figure 2 (red curve)). The global TTD (not shown) is very
nearly equal to the sum of the North Atlantic and Southern Ocean TTDs at this location. (middle)
Idealized boundary conditions for two scenarios: the first in which the North Atlantic boundary condition
is varied while the southern boundary condition is held constant (red) and the second for which the
southern boundary condition is varied while the North Atlantic boundary condition is held constant
(green). (bottom) Predicted tracer response at the site of RC11-83 for these two scenarios.
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more important than the northern TTD at this location,
changes in d13C which originate in the high-latitude North
Atlantic will have a relatively small manifestation at this
Cape Basin site relative to the same amplitude change in
Southern Ocean d13C.
[26] It should be noted that, with these boundary con-

ditions, both experiments show the same (oscillating) re-
sponse for the first 1000 years; a period over which the
forcing is constant in each high-latitude source region. This
oscillation occurs because there are now two TTDs con-
tributing to the global (total) TTD at this point. For the first
few hundred years it is the southern TTD that is dominant,
and hence the interior ocean tracer concentration is
‘‘pulled’’ toward the Southern Ocean boundary condition
(�0.5%). However, after about 500 years, the northern
TTD grows in magnitude, and meanwhile the southern TTD
is rapidly declining in magnitude. The rise of the northern
TTD at this time acts to ‘‘pull’’ the interior ocean tracer
concentration back toward the northern source value
(+1%). At about 800 years, both the northern and the
southern TTDs start to decay at the same rate, and the
tracer approaches its ‘‘weighted mean’’ concentration,
which is just below 0%. The tracer concentration would
asymptote at this value if the boundary condition did not
abruptly change at 1000 years, and set the interior tracer
trajectory to a new course. In the experiment in which the
southern boundary condition is varied, when the forcing
changes at 1000 years, the tracer will move toward its new
equilibrium value of around 0.3% (again, closer to the
southern boundary condition of 0% than to the northern
boundary condition of 1%, because of the dominant south-
ern TTD). When the southern forcing switches back to
�0.5% at 200 years, the response of the interior tracer is to
decline again toward the new equilibrium value.
[27] This is a highly idealized example, in which the high-

latitude northern and southern boundary conditions were
allowed to vary completely independently of one another.
This may, in fact, not be realistic, as it is possible that the two
geographically disparate boundary conditions might be
linked either through teleconnections, or through ocean
circulation. For example, any change in the boundary condi-
tion in the high-latitude North Atlantic might eventually be
manifested as some change in the tracer concentration in the
high-latitude Southern Ocean. However, for the purposes of
the highly idealized examples, in order to illustrate the simple
attenuation of a boundary condition within the ocean, the
possibility of such connections has been ignored.
[28] Clearly, in the case where more than one regional TTD

contributes to the global TTD, the value of a tracer at a given
point in the interior ocean will not, even under steady state
conditions, actually reach either of the end-member values.
Rather, the interior ocean tracer concentration will approach
a weighted mean value. In most of the ocean below about
3500mdepth, the global TTD is dominated by just two source
regions: the North Atlantic and the Southern Ocean.

3.3. Glacial Versus Interglacial Western Atlantic D13C
Profiles

[29] Before making the leap to fully realistic examples of
how observed boundary conditions are manifested in the

interior ocean, we explore how a step change in the
boundary condition in a single region might impact interior
ocean d13C. The purpose of this is to demonstrate how even
the simplest change in boundary condition in a single
geographical region might manifest itself in the interior
ocean, in the case where many regional TTDs contribute to
the global TTD. In order to do this we selected a location
just off the coast of Brazil in the western South Atlantic.
[30] Prediction of the vertical profile of a given tracer at a

specific location in the ocean requires a depth transect of
TTDs for that location (for the simulation we use, this is
eleven TTDs for each depth; there are 25 model depths). At
each depth, each of the eleven TTDs must be convolved
with the tracer surface boundary condition in the associated
region (see Figure 2 for definition of regions in this model
simulation) to predict the contribution from each region to
the total tracer signal. To obtain an estimate of the actual
tracer value at a particular level, the convolution integrals
from the eleven TTDs must be summed at each level.
Although it is rare that all eleven regions actually contribute
to a water parcel at a given interior ocean location, it is
common to find a large number of TTDs being significant in
the upper ocean, because in the thermocline, the surface
origin of water masses is significantly more complex than in
the deep ocean. In the western part of the South Atlantic, we
found that in the thermocline, up to eight regions contrib-
uted significantly to the global TTD, whereas below the
thermocline, only three or four TTDs needed to be consid-
ered. By assuming a mean d13C value for the Holocene in
each of the source regions, and using the model-derived
TTDs, we were able to predict vertical profiles of d13C for
the present-day ocean. We then repeated this experiment for
the Last Glacial Maximum (LGM), in order to assess the
impact of changing the surface boundary condition in a
particular region on the d13C profile at a particular location
under steady state ocean circulation.
[31] In predicting a modern-day and LGM d13C profile in

the western South Atlantic (Figure 5), we make some highly
simplistic assumptions about the surface boundary condi-
tion: It is assumed that the d13C in regions 1 through 9
(Figure 2) is uniform at 1.6%; theNorthAtlantic (region 10 in
Figure 2) is assumed uniform at 1%; and the Southern Ocean
(region 11 in Figure 2) is assigned a value of 0.4% in the
Holocene, and �0.9% in the LGM. Thus the only thing that
was changed in this experiment between the Holocene and
LGMwas the Southern Ocean boundary condition. TTDs for
each depth in the profile were obtained from the model
simulation (section 2.2). We stress that, just like the idealized
examples given above, this experiment is not supposed to be
realistic; rather it is supposed to illustrate how just a small
change in boundary condition can yield changes in interior
ocean d13Cwhich might erroneously be interpreted as reflect-
ing a fundamental change in circulation.
[32] The estimated d13C profile using these boundary

conditions and the model-derived TTDs for the modern
western Atlantic Ocean, despite the simplicity of the
assumptions about boundary conditions, does appear to
capture the major features of the observed d13C. This can
be seen by comparing it to the GEOSECS western Atlantic
d13C (Figure 5). The predicted surface ocean has a value of
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around 1.5%. There is a steep gradient through the ther-
mocline to a minimum of around 0.8% at around 800 m
depth. Below this is a slight increase in d13C to a maximum
close to 1% in the core of NADW. Beneath this the d13C
value gradually drops to the bottom of the ocean as it feels
the influence of low-d13C AABW. This is in very good
agreement with the GEOSECS-derived values at this
location (15�S). The predicted LGM profile (obtained
just by changing the Southern Ocean boundary condition)
looks quite different. It has the very distinctive ‘‘S’’ shape
which characterizes the LGM profile observed off the
Brazil margin by Curry and Oppo [2005, Figure 2].
Everywhere except the surface, the d13C values are much
more negative than for the modern ocean profile, and the
offset between glacial and interglacial profiles is not
constant with depth. This example illustrates that the
changes in interior ocean tracer concentration which can

result from just a step change in surface boundary
condition in a geographically limited region can be
significant and sometimes counterintuitive.

3.4. Comparison of Simulated Versus Observed
Benthic D13C Records

[33] Finally, moving to a more realistic case, we simulate
interior ocean d13C records using TTDs and variable bound-
ary conditions, and compare our simulations to actual down
core data. Because the convolution integral (equation (1))
acts as a low-pass filter, for our boundary condition we
ideally want cores with long-duration, high-resolution,
high-quality d13C records, and accurate age models. These
requirements proved somewhat difficult to fulfill, and as a
result, the cores we use as our boundary conditions do not
coincide exactly with present-day regions of deepwater
formation. We use the benthic d13C record from ODP site

Figure 5. (top) GEOSECS d13C in the western Atlantic (from Curry and Oppo [2005], after Kroopnick
[1985]). Reprinted with permission from Elsevier. (bottom) Two d13C profiles from 15�S, 27�W in the
western Atlantic. Curve with dots shows predicted d13C profile using model TTDs and modern boundary
conditions; curve with stars shows predicted d13C profile using model TTDs and glacial boundary
conditions.

PA2012 RUTBERG AND PEACOCK: INTERIOR OCEAN d13C VARIABILITY

9 of 17

PA2012



607 as our North Atlantic boundary condition and the
planktonic d13C record from ODP site 1090 are our South-
ern Ocean boundary condition (Figure 6). On the basis of
the excellent match between predicted and observed deep
ocean records (section 3), we expect that these cores
(although both somewhat equatorward of the deepwater
formation regions in the modern ocean), undergo similar
tracer variability to that in deepwater formation regions. We
have simulated benthic d13C records from three distinct
regions: the equatorial Atlantic Ocean, the southeast Atlan-
tic and the equatorial Pacific Ocean (see Table 1 for
coordinates) using the above boundary conditions, and
model-derived TTDs at each site. Each region has a dis-
tinctive d13C record (Figure 7).
[34] The equatorial Atlantic cores we have used are

B1112-4 and B1105-4 (Table 1); a pair of cores situated at
similar depths and locations, but one is on equator and
the other off equator. The on-equator core (B1105-4) has
anomalously low d13C values during glacial periods relative
to the off-equator core (B1112-4). As can be seen in Figure 8,
our predicted d13C matches very closely the observed d13C
from core B1112, capturing the timing, the amplitude and
the absolute values of the variability observed in the core
data. The correlation coefficient between the predicted d13C
in core B1112-4 over the past 200,000 years and the
observed d13C (interpolated to a yearly interval) is r2 =
0.823 (Table 2). This suggests that much of the d13C
variability observed in this core can be attributed to change
in the boundary conditions of the contributing water masses,
and that most of the variability can be explained without
invoking a change in ocean circulation. In contrast, the
predicted d13C for core B1105 (on the equator) is consis-

tently higher than the measured data during the last glacial,
with larger offsets during cold marine isotope stages 2, 4
and 6. Consequently, the correlation between the modeled
and actual data is lower for this core (r2 = 0.733). These
results are consistent with the suggestion of Bickert and
Mackensen [2004] that this core exhibits a productivity
induced overprint during the cold stages of the record.
[35] The benthic d13C records from two Cape Basin core

sites were simulated (cores 1088 and 1089, Table 1). We
chose these sites based on their long records and detailed
timescales. The correlation between our predicted benthic
d13C at the site of core 1089 and the observed d13C is high (r2 =
0.886), and, as was the case for the equatorial Atlantic core,
significantly higher than the correlation between either of the
boundary conditions and the benthic d13C (see Table 1). It
should be noted that this correlation coefficient is probably
biased toward lower values because of the gaps in the data set.
Although the variance iswell captured by the convolution, the

Figure 6. Northern (ODP 607) and southern (ODP 1090) planktonic d13C records which were the
boundary conditions used in this study.

Table 1. Location, Water Depth at Boundary Condition Locations,

and the Interior Ocean Sites for Which TTDs Were Calculated

Core Latitude Longitude
Depth,
m

Boundary Condition Sites
ODP 607 41�N 33�W 3307
ODP Site 1088 41�80S 13�340E 2082

Interior ocean sites
ODP Site 1090 42�550S 8�540E 3702
ODP Site 1089 40�560S 9�540E 4261
RC11-83 41�080S 7�490E 4981
B1105-4 �1�400S 12�260W 3225
B1112-4 �5�470S 10�450W 3125
ODP Site 846 3�5.70S 90�49.10W 3307
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absolute magnitude of the predicted d13C record at the
location of core 1089 (shaded curve in Figure 9, bottom
panel) is somewhat higher (more enriched in d13C) than the
observed values (black dots in Figure 9, bottom panel). The

offset (not shown) is of the order of 0.5%. A possible
explanation for this is a constant productivity related deple-
tion of d13C recorded by benthic foraminifera [Mackensen et
al., 1993]. The correlation between our predicted d13C at the

Figure 8. Equatorial Atlantic observed (solid line with dots) and predicted (shaded line) benthic d13C.

Figure 7. Benthic d13C records used in this study from the Cape Basin (1089), equatorial Pacific (846),
and equatorial Atlantic (B1112).
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site of core 1088 and the observed d13C is also high (r2 =
0.931). Our predicted record matches the observed d13C in
absolute values, amplitude and the timing of variability. The
fact that no offset exists between the predicted and observed

d13C records for site 1088 suggests that its location (�3�80;
eastward of site 1089) may place it in a different surface
productivity regime, or that site 1089 is accumulating excess
biological debris via lateral transport processes, or that
something other than productivity is causing the offset
between the predicted and observed data for site 1089. The
variability in the intermediate depth core (1088) is relatively
muted compared to the deep core.On the basis of ourmodeled
TTDs, this is to be expected since site 1088 is predominantly
influenced by NADW but is far down stream, hence any
variability in flux or composition would be damped at this
site. This is in contrast to site 1089,which is farmore sensitive
to southern source waters and, based on its relatively short
TTD, would record a much less attenuated signal.
[36] The eastern equatorial Pacific core ODP 846

(Figure 10) shows considerably muted glacial-interglacial
benthic d13C variability relative to the equatorial Atlantic and
Cape Basin cores (Figure 7). The convolution integral
captures very well the observed glacial-interglacial variabil-
ity, with a correlation coefficient of r2 = 0.933 over the past
420,000 years. As was the case for all the cores we consid-
ered, this correlation is significantly higher than that between
the boundary conditions and the benthic d13C record.

4. Discussion

4.1. Implications for Cape Basin Benthic D13C Records

[37] Cape Basin ODP sites 1088 (41�80S, 13�340E) and
1089 (40�560S, 9�540E) are geographically close and span a

Table 2. Correlation Coefficients Between Measured Benthic d13C
and Surface Boundary Conditions and Between Measured Benthic

d13C and Predicted Benthic d13Ca

Time Series 1 Time Series 2

Time Series
Duration,
years r2 b

B1112 observed d13C B1112 predicted d13C 0–200,000 0.823
B1112 observed d13C North Atlantic d13C BC 0–200,000 0.761
B1112 observed d13C Southern Ocean d13C BC 0–200,000 0.749
B1105 observed d13C B1105 predicted d13C 0–200,000 0.733
B1105 observed d13C North Atlantic d13C BC 0–200,000 0.667
B1105 observed d13C Southern Ocean d13C BC 0–200,000 0.699
1088 observed d13C 1088 predicted d13C 0–420,000 0.931
1088 observed d13C North Atlantic d13C BC 0–420,000 0.476
1088 observed d13C Southern Ocean d13C BC 0–420,000 0.925
1089 observed d13C 1089 predicted d13C 0–420,000 0.886
1089 observed d13C North Atlantic d13C BC 0–420,000 0.390
1089 observed d13C Southern Ocean d13C BC 0–420,000 0.844
846 observed d13C 846 predicted d13C 0–420,000 0.933
846 observed d13C North Atlantic d13C BC 0–420,000 0.492
846 observed d13C Southern Ocean d13C BC 0–420,000 0.846

aIn each case the correlation coefficient was computed over the entire
duration of the benthic d13C time series, which was interpolated to give a
data point every year (consistent with the TTD sampling interval). BC is
boundary condition.

bBoldface indicates correlations that are between predicted and observed
time series.

Figure 9. Cape Basin observed (solid line with dots) and predicted (shaded line) benthic d13C. For core
1089 the predicted d13C has been offset by �0.5% (i.e., the predicted curve obtained from the
convolution integral in equation (1) was roughly 0.5% higher than the observed d13C record at this
location).
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depth transect of 2082–4620 m. Benthic d13C in these
records varies from interglacial highs to glacial lows. This
variability is superficially consistent with a decrease in
NADW during glacial periods and cold stages, but there
are inconsistencies with this interpretation that are perplex-
ing. For instance, it is evident from the WOCE temperature
(T), salinity (S) and tracer data that the core of NADW is
today found between 1500 and 2500 m in most of the
Atlantic Ocean. The Atlantic waters between 40� and 45�
south, at depths of greater than 3500 m, have a tracer
signature very close to that of Antarctic Bottom Water
(AABW). The closer a core site lies to the pure NADW
tracer end-member, the more likely that site is to record
changes in the flux/properties of that NADW. Therefore
cores located at 43�S and 2100 m (e.g., core 1088) would be
expected to be a much more reliable indicator of changes in
NADW than would cores bathed predominantly in AABW
at 43�S and 4600 m depth (e.g., core 1089). In light of this
(as noted by Hodell et al. [2003]) it is surprising that site
1089 (the deep site) shows far more variability (previously
attributed to changes in NADW flux/geometry [Hodell et
al., 2003]), than the intermediate site (1088). In addition, it
is only in the deep sites that d13C drops to values more
negative than the deep Pacific values during the LGM.
There is also a very close correspondence between surface
(planktonic) d13C and deep Cape Basin records, but not
between the surface d13C and the intermediate depth cores
[Hodell et al., 2003].
[38] These features of the data can be explained by the

TTDs for the core sites. Northern source water (Figure 1) is
the most important contributor to the global TTD (blue
curve) at the location of core 1088 (2082 m), while the
Southern Ocean TTD (green curve) becomes more impor-
tant in the deeper waters, indicating that the dominant water
mass at the depths of core 1089 is AABW. The dual

boundary condition experiment illustrates that the deep sites
in the Cape Basin are more sensitive to changes in the
southern source water than to changes in the North Atlantic
(Figure 4). The broader, lower-amplitude TTD associated
with northern source water indicates a relatively small
contribution to Cape Basin deep waters, and a delayed
timescale for tracer signal propagation relative to the south-
ern source. This results in fairly strong damping of millen-
nial-scale changes in the northern boundary condition by the
time water has reached the Cape Basin. This implies that the
millennial-scale changes seen in deep Cape Basin cores (of
the order of 0.2–0.4%, e.g., Figure 9) could only be
accomplished by a change of 1% or more in the d13C of
NADW. This is a somewhat larger change than has been
observed in existing North Atlantic d13C records on millen-
nial timescales [Raymo et al., 2004].
[39] The dual boundary condition experiment (Figure 4)

also illustrates that changes in the Southern Ocean boundary
condition would be advected quickly (within decades) to the
deep Cape Basin sites. Therefore a modest change in the
southern boundary condition (of the order of 0.5%) on a
millennial timescale would be reflected as millennial vari-
ability of the order of 0.2–0.3% (close to that observed) in
the deep Cape Basin. Possible mechanisms that could
change the southern source water boundary condition in-
clude changes in productivity and air sea gas exchange.
Although evidence from Cd/Ca suggests it is unlikely that
there were significant changes in the nutrient concentration
in Southern Ocean surface waters [Rickaby and Elderfield,
1999] a clear picture of productivity in the glacial South
Atlantic has yet to emerge [Anderson et al., 2002]. In the
Cape Basin, changes in productivity would have resulted in
planktonic and benthic d13C records that varied in opposite
directions, not in tandem as in seen in the Cape Basin cores.
The covariability of the benthic and planktonic records

Figure 10. Equatorial Pacific observed (solid line with dots) and predicted (shaded line) benthic d13C.
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suggests a surface to deep link that is independent of
changes in productivity. It is also quite possible that there
have been significant changes in winds and sea ice coverage
(and hence air-sea gas exchange) [Crosta et al., 1998;
Elderfield and Rickaby, 2000; Sigman and Boyle, 2000;
Stephens and Keeling, 2000].
[40] A further possibility is that changes in the North

Atlantic boundary condition drive changes in Circumpolar
Deep Water (CDW) in the Southern Ocean. This might
ultimately influence the Southern Ocean boundary condition.
However, it appears that because of signal attenuation, such
an impact would be relatively small. In the modern ocean,
NADW feeds into CDW that then upwells and contributes to
newly formed Southern Ocean source water. Hence the
southern source water boundary condition may reflect a
change in the flux or d13C value of NADW. We can to first
order evaluate the impact that a change in the flux of NADW
would have on the d13C of CDW. If NADWwere to be ‘‘shut
off’’ then we can, to first order, assume that in CDW, the
global TTD would be equal the Southern Ocean TTD. Given
this assumption, we can assess the steady state d13C of CDW
for the case of present-day circulation (NADW present) and
‘‘no-NADW’’ circulation (the Southern Ocean TTD set equal
to the global TTD). If we assume that NADW has a d13C of
0.5% and Southern Ocean surface water a value of 0.0% and
NADW is then shutdown, the d13C of CDWwill decrease by
0.35%. This change is not insignificant, but is far smaller than
the glacial interglacial changes of 1.5–2% in SouthernOcean
surface waters (Figure 6). Therefore, even if NADW had
turned on and off, the signature of this change would lead to
just a fraction of the variability observed in the surface South
Atlantic planktonic record. Moreover, the fact that ODP site
1088 (Figure 9), which is bathed in NADW, records far less
d13C variability than its deep counterpart, ODP site 1089
(bathed in CDW) further suggests that NADW variability
played only a small role in changing the southern ocean
surface boundary condition.
[41] A better understanding of what drives the observed

high-latitude d13C variations (i.e., air-sea gas exchange, sea
ice, front migration, productivity) and whether these factors
can vary independently from changes in thermohaline ocean
circulation is clearly an important question which will have
direct bearing on this study. The factors that govern the
high-latitude d13C variations may also be extremely impor-
tant in regulating atmospheric CO2. A thorough investiga-
tion of this issue will be the subject of a separate paper.

4.2. Changes in the Atlantic

[42] There have been a large number of studies north of
the Cape Basin, in the Atlantic Ocean itself, in which
changes in d13C on glacial-interglacial timescales have been
used to invoke a shallowing, and possibly a reduced flux of
NADW (see Raymo et al. [2004] for a review). In a recent
paper [Curry and Oppo, 2005], new d13C data are pre-
sented, and inferences made about both hydrographical
changes and changes in the high-latitude Southern Ocean
boundary condition between the LGM and today. Water
formed in the Southern Ocean today carries a d13C signature
of around 0.4% [Mackensen, 2001]. It seems that this value
was significantly lower in the LGM, lying somewhere

between �0.2 and �0.9%. Curry and Oppo [2005] also
found that the LGM d13C off the Brazil margin decreased
from a surface value of around 1.6% to about 0.5% by the
base of the thermocline. Below this they observed a sharp
increase (associated with NADW), and then a steep de-
crease below the core of NADW, with minimum values of
about 0% in the deep ocean. Our predicted LGM profile
(Figure 5) looks qualitatively similar. This hints at the
possibility that at least part of the observed d13C variability
in the deep Atlantic on glacial-interglacial timescales may
be due to changes in the high-latitude boundary condition.
[43] At the ‘‘on-equator’’ equatorial Atlantic site, and at

the deepest Cape Basin site, the offsets between the
simulated and observed data are consistent with a signifi-
cant biologically induced negative overprint [Bickert and
Mackensen, 2004]. This overprint is due to the deposition
of isotopically light organic material at the sediment water
interface, where it subsequently decays and provides a pool
of isotopically light material from which benthic foraminif-
era draw carbon for shell formation resulting in isotopic
values below that of the ambient bottom water. This phe-
nomenon may lower the d13C recorded by benthic organisms
during times of high export productivity. Hence, in zones
where productivity may have increased during cold periods,
it has been difficult to resolve whether d13C variability is due
to the so called ‘‘Mackensen effect’’ or to ocean circulation
change. The TTD technique has shown that in the equatorial
Atlantic the magnitude of the Mackensen effect is of the
order of 0.3%. In the Cape Basin the constant offset
between the modeled and the actual data at core 1089
could suggest a constant Mackensen effect of up to 0.5%,
but it is perplexing that this offset exists during both warm
and cold periods and only for the deep core site. Another
explanation for this offset derives from the suggestion that
the deep southeast Atlantic was geochemically isolated
during cold periods [Ninnemann and Charles, 2002]. This
may account for the negative offset of the core data from
the simulated data in the deep (1089), but not the shallow
core (1088).
[44] For all sites, convolving the surface boundary con-

ditions with their TTDs (in a steady state ocean) yields a
simulated record that has a higher correlation coefficient
with the observed down-core data than the correlation
coefficient between either boundary condition and the
observed down-core data. This result demonstrates both
the power of using TTDs to examine the impact of changes
in surface ocean boundary conditions and the fact that
glacial-interglacial changes in the d13C of the surface ocean
may play an important role in driving d13C changes at the
interior ocean sites that we have analyzed.

4.3. Caveats

[45] Although the match between the model results and
the actual data is quite striking (Table 2), a number of errors
and assumptions may compromise the accuracy of the
results. For instance, the accuracy of the model will impact
the TTDs; that is, any model errors will lead to errors in the
TTDs. The model we use is a 3� global model, and hence
cannot properly resolve eddies or boundary currents for
example. In the ‘‘real’’ ocean, the TTDs probably have more
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fine-scale structure (which would translate to more variabil-
ity in the predicted benthic d13C records). Our TTDs are
calculated for a steady state ocean which may not be true on
glacial-interglacial timescales. Nevertheless, there is a sig-
nificantly higher correlation between the modeled results
and the down-core records than the correlation between
either of the high-latitude boundary conditions and the
down-core records. This indicates a gain of skill through
the convolution integral (see Table 2), and adds credence to
the idea that much of the observed variability in benthic
d13C records can be explained by propagating changing
boundary conditions into a steady state ocean.
[46] Additional sources of error stem from the age models

for the boundary conditions and for the deep benthic
records. These errors are compounded when we use a time
series derived from planktonic/benthonic foraminifera from
a core with one age model to predict a benthic time series
from a core with a completely different age model. Errors
may also be incurred from the foraminiferal d13C records
themselves in that there may be consistent offsets from
ambient seawater because of vital effects. The excellent
match between the modeled and observed data suggests that
if such offsets exist, they are likely in the same direction for
the benthic and the planktonic foraminifera. One final
concern stems from uncertainty about the major control
on the d13C composition of planktonic foraminiferal shells.
Though a large number of studies have used the planktonic
d13C records as proxies for surface d13C, recent work
suggests that ambient seawater composition may not be
the first-order control [Kohfeld et al., 2000]. Again, the
excellent match between model and data suggest that the
planktonic record is capturing meaningful information
about surface water d13C, or alternatively, that the property
of the water driving the d13C composition of planktonic
foraminifera is transferred to the deep sea where it has a
similar influence on benthic species.
[47] We have demonstrated that TTDs combined with

knowledge of the temporal variability of d13C in northern
and southern source waters can explain much of the
observed benthic d13C variability at the interior ocean sites
analyzed in this study. We conclude from this that changes
in surface boundary conditions might play an important role
in driving the observed down-core changes in d13C at these
sites. However, it is important to bear in mind that we have
simulated d13C time series from only three geographic
regions. It is impossible to say, on the basis of so few
simulations, whether this holds true for the entire interior
ocean (or even the Atlantic). In order to firmly conclude that
changes in the surface boundary condition and not changes
in ocean circulation are responsible for driving the variabil-
ity of d13C in the deep ocean, it will be crucial to test our
technique using all available high-resolution down-core
d13C records.
[48] One other caveat that must be borne in mind is that

we have here used model-derived TTDs to assess the
contribution of various surface ocean source regions to an
interior ocean water parcel. There are differences between
the model circulation field and the average ‘‘true’’ ocean
present-day circulation field. We have made no mention of
how close the model-derived TTDs are expected to be to the

‘‘true’’ ocean TTDs. We believe this model to be as good
as, or better than, most ocean GCMs (see Peacock et al.
[2005] for an in depth validation of the model tracer uptake
in the Indian Ocean and Peacock and Maltrud [2006] for a
general discussion of the model circulation). As models
continue to be refined and improve their representation of
ocean physics, it will be possible to get more and more
accurate representations of the ocean TTD field. Another
possibility is that it might be possible to infer the interior
ocean TTD distribution based on observational tracer data
[e.g., Hall et al., 2002]; this remains an open question for
future work.

4.4. General Implications for Paleoceanographic
Proxies

[49] In general, water at a given point in the interior ocean
may consist of water from many different sources, each with
a distinct tracer signature. The problem of predicting the
interior tracer response becomes increasingly more compli-
cated as more and more TTDs contribute to the global TTD
at a given location. It is apparent that changes in the tracer
concentration at the ocean surface can give rise to signifi-
cant and complicated variability of a tracer in the interior
ocean, even under a steady state circulation field. In the
interpretation of the measured variability of a tracer such as
d13C in the ocean interior, it would be prudent to attempt to
assess the magnitude of changes which could be caused by
observed changes in the surface boundary conditions before
attempting to deduce possible changes in ocean circulation
patterns.
[50] It is widely accepted that the process of bioturbation

within ocean sediments will result in a low-pass filtering on
any abrupt signal transmitted to the ocean interior from the
surface ocean [e.g., Broecker and Peng, 1982]. As a conse-
quence of this, measurements on foraminifera preserved in
deep-sea sediment cores will never record abrupt climate
change with the same fidelity as do ice core measurements.
However, it should also be borne in mind that the ocean itself
acts as a low-pass filter, and that the tracer signature of abrupt
climate change transmitted to the ocean interior from the
surface will likely be damped because of two competing
effects. First, if changes in the surface ocean tracer concen-
tration occur on timescales less than the ‘‘TTD timescale’’
(the time taken for the TTD to decay to zerowill be different at
every location in the interior ocean), then the actual magni-
tude of surface change will never be recorded in the interior
ocean (see Figure 3). Second, if more than one regional TTD
contributes to the total TTD at a given point (this is nearly
always the case), and if the tracer concentration is different in
each source region, then the interior ocean tracer concentra-
tion will approach a value which reflects a weighted mean of
the contributing end-members (Figure 4). A change in tracer
concentration anywhere in the surface ocean will cause
variability someplace in the interior ocean, even for a steady
state circulation field. From the examples presented herein, it
is clear that significant variability in tracer compositions is
possible even for just a step change in the tracer boundary
condition in a single region.
[51] On the basis of the results presented here, it would

prove useful to consider additional paleo-ocean circulation
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tracers that have boundary conditions that are thought to be
relatively insensitive to glacial-interglacial changes. For
example, the joint use of a tracer such as d13C (whose
surface ocean value can be reset on a short timescale from a
variety of processes) with a tracer such as eNd [Piotrowski et
al., 2005; Rutberg et al., 2000], whose surface ocean
isotope composition reflects a continental crust signature,
might provide a useful tool with which to disentangle
changing boundary conditions and changing circulation.

5. Conclusions

[52] Our results suggest that changes in the boundary
conditions at the major sites of deepwater formation play a
heretofore underappreciated role in driving d13C changes in
the interior ocean (although it should be noted that previous
work has suggested that changes in surface boundary
conditions may account for some of the benthic d13C
variability in the interior ocean [e.g., Mix and Fairbanks,
1985; Mackensen et al., 2001]).

[53] The results of this study are even more striking when
considered with respect to the wide variability in absolute
magnitude and glacial-interglacial variability at the three
sites that we have simulated (equatorial Atlantic Ocean,
southeast Atlantic Ocean and equatorial Pacific Ocean). The
simulated data matches the variance in the observed data at
all three sites, and also matches the absolute values in the
equatorial Pacific and off-equator equatorial Atlantic cores
extremely well. It appears that much of the temporal
variability in benthic d13C records from disparate locations
can be captured by simply varying the high-latitude tracer
boundary conditions under a steady state circulation regime.
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